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ABSTRACT: Understanding the contribution of ocean circulation to glacial–interglacial climate change is a major focus of
paleoceanography. Specifically, many have tried to determine whether the volumes and depths of Antarctic- and
North Atlantic–sourced waters in the deep ocean changed at the Last Glacial Maximum (LGM; ∼22–18 kyr BP) when atmo-
spheric pCO2 concentrations were 100 ppm lower than the preindustrial. Measurements of sedimentary geochemical proxies
are the primary way that these deep ocean structural changes have been reconstructed. However, the main proxies used to
reconstruct LGM Atlantic water mass geometry provide conflicting results as to whether North Atlantic–sourced waters
shoaled during the LGM. Despite this, a number of idealized modeling studies have been advanced to describe the physical
processes resulting in shoaled North Atlantic waters. This paper aims to critically assess the approaches used to determine
LGMAtlantic circulation geometry and lay out best practices for future work. We first compile existing proxy data and paleocli-
mate model output to deduce the processes responsible for setting the ocean distributions of geochemical proxies in the LGM
Atlantic Ocean. We highlight how small-scale mixing processes in the ocean interior can decouple tracer distributions from the
large-scale circulation, complicating the straightforward interpretation of geochemical tracers as proxies for water mass struc-
ture. Finally, we outline promising paths toward ascertaining the LGM circulation structure more clearly and deeply.
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1. Introduction

The global ocean’s overturning circulation joins the surface
to the deep, transports large amounts of heat around the
globe, and regulates ocean carbon uptake and release. The
overturning circulation contributes approximately 1/2–1/3
of the global equator to pole heat transport (Talley 2003), and
the deep ocean contains roughly 60 times more carbon than
the atmosphere (Sigman and Boyle 2000). As a result, the
overturning circulation plays a primary role in global climate,
both today and over the glacial–interglacial cycles of the past
(Adkins 2013; Sigman et al. 2010, 2020). While we can observe
the modern ocean to understand how circulation impacts
global climate, our understanding of past ocean circulation
changes relies on geochemical proxy data. It is therefore

crucial to understand how tracer distributions record informa-
tion about the ocean circulation structure, and to determine
how the effects of small-scale processes might complicate our
interpretations of these tracer distributions.

The modern ocean is proposed to have “figure-eight” cir-
culation structure (Talley 2013). While the figure-eight is
admittedly a simplification of the complex pathways subsur-
face water masses take in the Atlantic (Bower et al. 2019),
we find it to be a useful starting point when considering pos-
sible circulation changes in the geologic past. North Atlantic
Deep Water (NADW) is formed via deep convection in the
Nordic, Irminger, and Labrador Seas (Johnson et al. 2019;
Bower et al. 2019) and flows southward through the Atlantic
basin. When it reaches the Southern Ocean, this water, now
mixed with other water masses and called Lower Circumpo-
lar Deep Water (LCDW), upwells as it flows around the
Southern Ocean within the Antarctic Circumpolar Current
(ACC) (Tamsitt et al. 2017, 2018), moves southward, and
eventually reaches the continental shelves of the Weddell
and Ross Seas (Fig. 1a). Here LCDW is densified by cooling
and brine rejection, and sinks to form Antarctic Bottom
Water (AABW), which flows into the Atlantic, Pacific, and
Indian Ocean basins. There, the downward diffusion of
heat, which is aided by enhanced mixing over rough
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topography (Polzin et al. 1997; Waterhouse et al. 2014),
causes AABW to upwell across isopycnals. The AABW that
flows into the Atlantic upwells back into NADW, but the
AABW that flows into the Pacific and Indian oceans can upwell
further to form Indian and Pacific Deep Water (IDW/PDW).
This water is sufficiently light that when it returns to the South-
ern Ocean, now called Upper Circumpolar Deep Water
(UCDW), it upwells in a region of the Southern Ocean where
it becomes less dense due to warming and sea ice melt freshen-
ing, thus allowing the meridional overturning circulation to
close via northward transport of surface and intermediate wa-
ters in the Atlantic (Figs. 1a,c).

In the surface ocean, the process of primary production con-
verts inorganic carbon into organic matter. When this organic
matter sinks and is regenerated back to dissolved inorganic car-
bon via respiration, it is sequestered in the deep ocean, a pro-
cess known as the biological pump. The global overturning
circulation operates on time scales of O(1000) years (Stuiver
et al. 1983), providing a mechanism for deeply regenerated
CO2 to be isolated from the atmosphere for long time scales.
Therefore through changes in overturning circulation, the deep
ocean is thought to exert a strong influence on the pCO2 of the

atmosphere and thus global temperatures. As described above,
the North Atlantic and the Southern Ocean are the only two
places in the global ocean where deep waters are formed. It is
generally thought that changes in both the physical overturning
circulation and the biological pump are necessary to achieve
full glacial–interglacial atmospheric pCO2 changes (Sarmiento
and Toggweiler 1984; Siegenthaler and Wenk 1984; Knox and
McElroy 1984; Toggweiler 1999; Watson and Naveira Garabato
2006; Sigman et al. 2010; Skinner et al. 2010), although a re-
cent study challenges whether circulation changes are needed
(Khatiwala et al. 2019).

In addition to changes in the overturning circulation rate (see,
e.g., Kwon et al. 2012), changes in ocean overturning circulation
geometry may also contribute to deep ocean carbon sequestra-
tion. Our understanding of water mass structure during the Last
Glacial Maximum (LGM) is largely based on meridional sections
of chemical tracers with distinct values in northern- and
southern-sourced deep water endmembers (Fig. 1b). Based on
these reconstructions, some have suggested that the LGM
(∼22–18 kyr BP) ocean had a two-cell circulation structure,
with greater separation between the upper and lower cells com-
pared with the modern ocean circulation (Curry and Oppo

FIG. 1. Modern ocean circulation. (a) Circulation in the Southern Ocean [adapted from Speer et al. (2000)]. Locations of the Subtropical
Front (STF), Subantarctic Front (SAF), and Polar Front (PF) are labeled. Blue arrows mark waters that upwell in a region of negative
buoyancy forcing (blue arrows at surface), and red arrows mark waters that upwell in a region of positive buoyancy forcing (red arrows at
surface). Circles at top denote the Southern Hemisphere westerly winds. Water masses are also labeled (see text for details). (b) Schematic
of geochemical and physical processes that affect «Nd, d13C, and d13CAS in the Atlantic Ocean. Green wavy arrows represent biological
productivity in the surface ocean that fractionates carbon isotopes. Background colors represent «Nd values that are affected by weathering
of old rocks in northern Canada and Greenland (negative «Nd) and young volcanic rocks around the Pacific (positive «Nd), which influence
Atlantic «Nd distributions via mixing through the Southern Ocean [illustrated by red � and ⊗, which represent Antarctic Intermediate
Water (AAIW), Upper Circumpolar Deep Water (UCDW), and Agulhas Leakage (AL)]. (c) Basin-averaged global ocean circulation
[adapted from Nadeau et al. (2019) and Nadeau and Jansen (2020)]. Wavy arrows show diapycnal mixing, and gray shaded region repre-
sents enhanced vertical mixing in the deep ocean. The loop labeled “a” is predominantly adiabatic: water flows along isopycnals that join
the surface of the North Atlantic with the surface of the Southern Ocean. The loop labeled “b” relies on diapycnal mixing in the deep
ocean to return deep water to the surface.
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2005; Lund et al. 2011; Ferrari et al. 2014). This structure could
have allowed for longer deep ocean residence times and more
carbon sequestration in the glacial ocean (Burke et al. 2015;
Skinner et al. 2017), and it could have contributed a substantial
portion of the documented atmospheric pCO2 draw-down at the
LGM.However, recent analyses using different paleocean circula-
tion tracers suggest much more modest changes in water mass dis-
tributions (Howe et al. 2016; Pöppelmeier et al. 2020), challenging
the means by which the glacial deep ocean contributed to atmo-
spheric pCO2 draw-down. To fully understand the role of the
ocean in glacial–interglacial climate change, it is important to
understand these apparent discrepancies in the interpretation of
paleoproxy measurements and to determine the overturning
circulation structure at the LGM.

Ocean mixing plays a first-order role in determining ocean cir-
culation structure, and it also directly impacts ocean tracer distri-
butions. Recent work suggests that the strength of diapycnal
mixing, which moves tracers across constant density surfaces, and
the strength of isopycnal mixing, which moves tracers along cons-
tant density surfaces, may have been different at the LGM
(Wilmes et al. 2019; Jones and Abernathey 2019). Ocean stratifi-
cation also likely changed at the LGM, influencing the strength
of vertical transport by diapycnal mixing. Temporal changes in
mixing strength and spatial heterogeneity in ocean mixing signifi-
cantly complicate the relationship between ocean circulation
geometry and ocean tracer distributions, as explored in sections 2b
and 4b.

Given the central role that deep ocean circulation changes
play in many explanations for glacial–interglacial climate change,
it is not surprising that this subject has interested physical ocean-
ographers as well as paleoceanographers. Several modeling stud-
ies have sought to provide a physical basis for paleo observations
that suggest the presence of a shoaled upper cell at the LGM
(Curry and Oppo 2005; Galbraith and de Lavergne 2018), possi-
bly driven by changes in Southern Ocean sea ice (Ferrari et al.
2014; Watson et al. 2015; Jansen and Nadeau 2016; Marzocchi
and Jansen 2017; Sun et al. 2018; Nadeau et al. 2019; Baker et al.
2020; Sun et al. 2020), terrestrial ice inputs (Miller et al. 2012),
and/or increased density stratification between the upper and
lower cells (Lund et al. 2011; Jansen 2017). While these studies
provide crucial assessments of the physical realism of proposed
glacial circulation structures, they are often difficult to compare
with observations because they focus on differences in the large-
scale circulation between the modern ocean and the LGM. We
believe that faster progress will be made if physical oceanogra-
phers work together with paleoceanographers to assess what
circulation geometries are possible given constraints from
paleoproxy data: here we take new steps on that journey. We
hope this paper can provide a stronger physical intuition for
paleoceanographers to apply as they use geochemical techni-
ques to ascertain the ocean circulation structure in the past, and
increase understanding of paleoceanographic concepts within
the physical oceanographic community.

In this paper, we suggest that deep ocean mixing processes
may exert critical controls on reconstructed tracer distributions
during the LGM, and outline alternative methods of utilizing
tracer data to understand LGM circulation changes. In section 2
we discuss the physical mechanisms by which the overturning

circulation could have shoaled and mixing could have changed
at the LGM, and in section 3 we review the systematics of paleo
proxies that are commonly used for reconstructing ocean circu-
lation geometry. In section 4 we discuss different LGM circula-
tion scenarios that are physically based and can explain the
available proxy data. In section 5 we offer suggestions of fruitful
new avenues of exploration, which we hope will clarify the
geometry of the ocean circulation at the LGM.

2. Ocean circulation

a. Possible shoaling of the MOC’s upper cell

Meridional transport in the Southern Ocean is created by the
slight imbalance between two competing processes: wind-driven
Ekman flow in the frictional surface and bottom boundary
layers, which acts to steepen isopycnal surfaces, and baroclinic
eddies, which form in response to steepened isopycnal surfaces
and act to reduce isopycnal slopes (Marshall and Radko 2003;
Marshall and Speer 2012). The resulting advective meridional
transport by the residual flow is primarily oriented along isopyc-
nals. Buoyancy fluxes at the surface of the Southern Ocean
cause transport across isopycnals in the surface mixed layer.
Water that upwells in a region of positive buoyancy flux moves
northward at the surface, and water that upwells in a region of
negative buoyancy flux moves southward at the surface, as
shown in Fig. 1a. Thus the pattern of Southern Ocean buoyancy
fluxes impacts whether water moves northward or southward in
the Southern Ocean, influencing the pathway of the MOC.

The surface buoyancy flux comprises heat and freshwater
components, which are exchanged between the ocean and at-
mosphere and/or between the ocean and overlying sea ice or
terrestrial ice. Abernathey et al. (2016) and Pellichero et al.
(2018) have demonstrated that water mass transformations
south of the polar front are dominated by sea ice–driven surface
buoyancy fluxes. Water mass transformation into denser classes
occurs in coastal polynyas around Antarctica, where sea ice for-
mation leads to buoyancy loss via brine rejection. As sea ice is
redistributed by winds and currents, it eventually melts at a
more northern latitude than it formed, leading to buoyancy
gain and water mass transformation into lighter buoyancy
classes (Saenko et al. 2003; also see red arrows in Fig. 1a herein).

Sea surface temperatures in the LGM Southern Ocean
were lower (Ho et al. 2012) and sea ice extended farther
north (Gersonde et al. 2005). Hence, the latitudinal position
of the boundary between positive and negative buoyancy
fluxes probably moved northward at the LGM. Ferrari et al.
(2014) presented a theory that suggests that moving this
boundary farther north will shoal the isopycnals associated
with this boundary. They argue that Southern Ocean isopycnal
slopes s are approximately equal to

s � t0
r0fK

, (1)

where t0 is the time-mean zonal wind stress, r0 is the surface
reference density, K is the eddy transfer coefficient, and f is
the Coriolis parameter. Isopycnal surfaces are generally flat
in the ocean basins to the north of the Southern Ocean. Hence,
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if the growth of Antarctic sea ice pushes surface density con-
tours northward, the isopycnals in the ocean interior associated
with these contours will shoal if isopycnal slopes remain cons-
tant through time (see Ferrari et al. 2014 and Fig. 4 therein).

Ferrari et al. (2014) argued that this happened during the
LGM, and that isopycnals associated with buoyancy gain
were shoaled above 2000-m depth. Vertical ocean mixing is
weaker above 2000 m and stronger below 2000 m due to the
presence of rough topography at depth (Ledwell et al. 2000).
Ferrari et al. (2014) suggest that diapycnal transport across
the isopycnal that separates positive and negative buoyancy
flux regions at the surface of the Southern Ocean would have
been reduced, causing the upper cell of the MOC to separate
from the lower cell of the MOC. Because of its clarity, the
Ferrari et al. (2014) paper has been widely read and cited in
the paleo-oceanographic community.

Recent work by Sun et al. (2018), Nadeau and Jansen
(2020), and Baker et al. (2021) has shown that the Ferrari et al.
(2014) hypothesis is an incomplete view of the ocean dynam-
ics at the LGM, because it focuses on the sign of surface buoy-
ancy forcing as the primary control on ocean stratification,
and does not consider the effects of subsurface Southern
Ocean mixing, the effects of changes in global diapycnal mix-
ing, or how changes in the magnitude of Southern Ocean
buoyancy loss might further impact the stratification. The
AMOC comprises two components: an adiabatic component,
which upwells in the Southern Ocean and is directly driven by
the strong zonal winds there (loop a in Fig. 1c), and a diabatic
component, in which water upwells across isopycnals, primar-
ily driven by small-scale vertical mixing in the Indian and Pa-
cific Oceans (loop b in Fig. 1c; Jones and Cessi 2016; Ferrari
et al. 2017). Sun et al. (2018) shows that diabatic upwelling in
the Southern Ocean is also important. The depth of the adia-
batic component of the AMOC is directly linked to the out-
crop latitude of the isopycnal that separates positive and
negative buoyancy flux regions at the surface of the Southern
Ocean. The diabatic component of the AMOC usually extends
deeper into the water column than the adiabatic component,
and its strength and depth are set by multiple factors, including
the strength of cross-isopycnal upwelling due to small-scale
mixing and the density of AABW formed in the Southern
Ocean (Nadeau and Jansen 2020).

Nadeau and Jansen (2020) and Baker et al. (2021) show
that increasing the strength of diapycnal mixing deepens the
upper cell of the overturning circulation. An increase in the
strength of diapycnal mixing at the LGM seems likely and is
discussed further in section 2b. Jansen and Nadeau (2016),
Nadeau et al. (2019), Nadeau and Jansen (2020), and Baker
et al. (2021) found that increasing the buoyancy loss around
Antarctica (due to an increase in sea ice formation at the
LGM) increases the stratification, which inhibits this cross-
isopynal transport. This reduces the AMOC transport due to
the diabatic component of the circulation, leading to shoaling
of the AMOC. Taken together, this recent work demonstrates
that multiple factors are involved in setting the depth of the
AMOC, and calls into question the earlier consensus view
that sea ice extent is the main control on AMOC depth.

b. Possible changes to ocean mixing

While much attention has been paid to large differences in
circulation geometry between the modern and LGM oceans,
significant differences in small-scale ocean processes like mix-
ing are also probable in some key locations. Most notably, a
120- to 130-m drop in sea level at the LGM may have caused
an increase in tidal dissipation in the deep ocean, particularly
in the North Atlantic (Arbic et al. 2004; Egbert et al. 2004;
Griffiths and Peltier 2009; Green 2010; Schmittner et al. 2015;
Wilmes et al. 2019). Vertical diffusivity is controlled by both
tidal energy dissipation and by stratification as follows:

kz � C
�

N2 , where N �
����������
2g
r0

r

z

√
, (2)

where kz is the vertical diffusivity, C is the mixing efficiency, � is
the rate of tidal energy dissipation, and N2 is the buoyancy fre-
quency, which is a measure of ocean stratification. In idealized
models, higher vertical diffusivities lead to deepening of the up-
per cell of the AMOC, particularly in the North Atlantic (Baker
et al. 2021). For a constant abyssal ocean stratification, increased
tidal dissipation at the LGM would lead to larger vertical diffu-
sivities in the abyssal ocean. Increased ocean stratification in the
deep ocean may have partially compensated for the increase in
tidal energy dissipation, leading to a more modest increase in
the vertical diffusivity of the deep ocean. On the other hand,
increased tidal mixing may itself decrease the ocean stratifica-
tion. Wilmes et al. (2019) tested a range of ocean stratifications
from Muglia et al. (2018), including some scenarios with saltier
AABW. They found the buoyancy frequency was relatively in-
sensitive to AABW salinity, concluding that the vertical diffu-
sivity of the abyssal Atlantic was probably larger at the LGM.

Larger vertical mixing probably causes more exchange be-
tween the upper and abyssal cells of the overturning circula-
tion: this is explored further in section 4b. Many Paleoclimate
Modeling Intercomparison Project phase 3 and 4 (PMIP3 and
PMIP4) models parameterize tidal mixing using a sensible pa-
rameterization like St. Laurent et al. (2002). These models of-
ten use high-resolution tidal models to generate a mixing
distribution, which is then applied to the ocean in the fully
coupled production run of the climate model.

Recent work by Ferrari et al. (2016) and Callies and Ferrari
(2018) highlights that when vertical mixing increases toward
the bottom of the ocean, this can cause downward velocities in
the interior, with upward velocities along the sloping bound-
aries of the ocean. This sort of vertical mixing profile may lead
to larger diapycnal tracer transport into the deep ocean (Jones
and Abernathey 2021). This new paradigm highlights the role
of lateral fluxes in bringing water close to rough topography,
where diapycnal mixing is strongest (Mashayek et al. 2017).
The complex relationship between the large-scale flow and
patterns of small-scale mixing may complicate the interpretation
of paleotracer estimates because these are only available for wa-
ter masses that are close to topography.

An additional (though smaller) change in ocean mixing might
have been caused by changes to the surface wind stress over
the Southern Ocean. Evidence for such a change is mixed
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(Stuut et al. 2002; Kim et al. 2003; Kohfeld et al. 2013;
Gottschalk et al. 2019). Stronger surface winds drive higher
eddy kinetic energy in the upper ocean, which is associated
with larger isopycnal mixing (Abernathey and Ferreira
2015). Higher isopycnal mixing rates in the Southern Ocean
are associated with more southern-sourced water reaching
the deep ocean, particularly in the deep Pacific (Jones and
Abernathey 2019). Isopycnal mixing may be important for
explaining deep ocean tracer distributions at the LGM
(Burke et al. 2015). This effect is unlikely to be well repre-
sented in PMIP3 and PMIP4 models: detailed study of iso-
pycnal mixing is in its early stages, so many paleoclimate
model simulations still specify an isopycnal mixing field that
is constant in time (see, e.g., Rackow et al. 2019; Lin et al.
2020; Chassignet et al. 2020), despite findings from physical
oceanographers that isopycnal mixing rates are likely not
constant (e.g., Gent 2016).

3. Background on proxy systematics

In lieu of direct observations of mixing rates and over-
turning streamfunctions, chemical oceanographers and
paleoceanographers turn toward observations of tracers.

Chemical species in the ocean are sensitive to the physical
transport phenomena described in the preceding sections, as
well as biogeochemical transformations that can add and
remove these tracers from a given water parcel as it flows in
the ocean.

A simple physical and biogeochemical equation (the con-
servation equation) describes the time rate of change of a
chemical species at a given location:

C
t

� 2U · =C 1 = · (D · =C) 1 J(C): (3)

The first term in this equation describes the change in con-
centration due to advective flux divergence (U) acting on the
tracer concentration C, the second term represents the flux di-
vergence due to diffusive processes (D), while the third term
J(C) represents nonconservative biogeochemical sources and
sinks. In this paper, where we are primarily interested in the
meridional and vertical changes in tracer concentrations, we
consider the two-dimensional form of this equation between
two isopycnal surfaces z1 and z2 where z2 2 z1 = h is the dis-
tance in meters between the two isopycnals:

(hC)
t̃︸︷︷︸

tendency

� 2
(VC)
ỹ︸��︷︷��︸

(along-)isopycnal
advection

2 [VC]z2z1︸�︷︷�︸
diapycnal
advection

1


ỹ
Khh

C
ỹ

( )
︸�����︷︷�����︸
along-isopycnal

diffusive transport

1 Kz

C
z

[ ]z2
z1︸���︷︷���︸

diapycnal
diffusive transport

1

 z2

z1

J(C)dz︸����︷︷����︸
source or

sink

, (4)

where (x̃, ỹ, b̃, t̃) are buoyancy coordinates, as described in
Young (2012). This equation describes the effects of isopyc-
nal advection by the meridional velocity, integrated between
z1 and z2 (V; m

2 s21); diapycnal advection by the diapycnal veloc-
ity V; m s21); isopycnal diffusion by the isopycnal diffusivity
(Kh; m

2 s21); vertical diffusion by the vertical diffusivity
(Kz; m

2 s21); and sources and sinks due to nonconservative
fluxes {J(C); [C] s21} on a tracer C. These are averaged in
the zonal direction over the whole ocean basin. The meridional
volume transport (V), the isopycnal diffusivity (Kh), and the
tracer concentrations (C) are assumed to be vertically uniform
between the two isopycnals. A simple explanation of this coor-
dinate system, as well as a proof of the equation above, is given
in the online supplemental material. Even at steady state (i.e.,
when the tendency term is zero), five different processes act to
set the tracer concentration at any point, so isopycnal advection
may not always be the most important factor for determining
deep ocean tracer concentrations. This two-dimensional simpli-
fication also neglects zonal advective and diffusive fluxes, which
may be important in the real ocean.

Tracers that have either no subsurface biogeochemical
sources or sinks (e.g., salinity) or are corrected for their bio-
geochemical transformations via stoichiometric relations to
other tracers (e.g., PO*

4; Broecker et al. 1998) are considered
to be conservative [i.e., the fifth term in Eq. (5) equals zero].
When two water masses with different initial concentrations

of a conservative tracer undergo binary mixing, the tracer
concentration of the mixture reflects the proportional contri-
bution from each water mass. Thus, provided that the initial
(or “endmember”) tracer concentration for water masses is
known, measurements of that tracer can be used to quantify
the relative proportions of the two source water masses, for
example NADW and AABW. This approach of course relies
on the assumption that the deep Atlantic is mostly made up of
these two water masses, and that there are not additional water
masses in the tracer budget of the deep Atlantic.

A wide variety of proxies have been used to study the over-
turning circulation in the geologic past, but conservative tracers
are relatively rare in paleoceanography. Here we focus on three
tracers, with varying degrees and modes of conservativeness,
that have been used to reconstruct water mass geometry of the
deep Atlantic Ocean since the LGM: stable carbon isotopes of
dissolved inorganic carbon (d13CDIC), the air–sea exchange com-
ponent of carbon isotopes (d13CAS), and the seawater neodym-
ium isotopic composition («Nd) (schematically introduced in
Fig. 1b). We recognize that other tracers such as radiocarbon
(14C) (e.g., Stuiver et al. 1983; Key et al. 2004) and 231Pa/230Th
(e.g., McManus et al. 2004; Gherardi et al. 2009; Lippold et al.
2012) have also been extensively used to examine ocean circula-
tion in the past, but as these tracers are typically interpreted to
contain more information about circulation strength rather than
geometry, we have omitted them from this paper. An interesting
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recent study suggests that radiocarbon distributions may be more
sensitive to AMOC depth than previously thought (Muglia and
Schmittner 2021). This is a significant departure from the tradi-
tional interpretation and warrants further investigation.

a. Stable carbon isotopes

Because 13C is marginally heavier than 12C, chemical and
physical processes act on the two isotopes at slightly different
rates. The ratio of 13C to 12C of dissolved inorganic carbon
(DIC) in seawater, which is expressed in delta notation
(d13CDIC) as the parts per thousand variation with respect to
a standard, is altered by photosynthesis, respiration of organic
matter, and air–sea gas exchange. Below we describe how
each of these processes affect this ratio.

1) d13C AND ORGANIC MATTER

Phytoplankton preferentially take up 12C. Thus, as phyto-
plankton photosynthesize and grow, they cause nutrients to
become more completely utilized at the sea surface, and cause
the remaining d13CDIC of surface seawater to become heavier.
Surface waters subducting into the interior with more com-
plete nutrient utilization will have heavier d13CDIC at the time
of subduction, while waters subducting with high initial nutrient

concentrations will have lighter d13CDIC. As subsurface waters
age, they gain DIC via the remineralization of particulate and
dissolved organic carbon, both of which are isotopically light.
Thus, the d13CDIC of a water parcel decreases with ventilation
age, as remineralization occurs during aging.

In the modern Atlantic, there is a roughly 1& difference
between AABW and NADW. AABW has an initial d13CDIC

value of ∼0.4& and NADW has d13CDIC of 1.3& (Fig. 2a).
Because of the relatively fast circulation time scales of the deep
Atlantic and low carbon remineralization fluxes in deep waters,
a binary mixing formulation can be used to determine the frac-
tion of NADW (fNADW) present using d13CDIC measurements:

fNADW � d13Cmeas
DIC 2 d13Csouth

DIC

d13Cnorth
DIC 2 d13Csouth

DIC

, (5)

where the superscript “meas” indicates the measured d13CDIC

of a particular water sample, and the superscripts “north” and
“south” refer to the endmember d13CDIC values. This equation
is a slight simplification, as it neglects DIC concentration dif-
ferences between water masses. However, since DIC concen-
tration differences are much smaller than d13CDIC differences,
this simplification is reasonable when considering mixing of
NADW and AABW.

FIG. 2. Atlantic Ocean section plots for the Modern and Last Glacial Maximum. (a),(b) The preindustrial d13CDIC

climatology of Eide et al. (2017) is used, and data from the Atlantic Ocean zonally averaged between 458 and 108W are
shown. Calculation of d13CAS in (b) was performed by merging the d13CDIC climatology with the World Ocean Atlas
2018 phosphate grid, and calculating d13CAS using Eq. (6). (c) The seawater «Nd database compiled by Du et al. (2020)
is used. Contours in (a)–(c) show the potential density anomaly in kg m23 referenced to a pressure of 2000 db (r2).
(d)–(f) Analogous sections reconstructed for the LGM. Data in (d) and (e) come from the compilations of Oppo et al.
(2018), while data in (f) come from the LGM compilation of authigenic «Nd from Du et al. (2020). The plots in
(d)–(f) include all Atlantic basin data from these compilations, regardless of zonal location. Note that the color bars differ
between left and right panels, because endmember values for these proxies differ between the modern and LGM oceans.
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2) d13 C AND AIR–SEA EXCHANGE

Carbon isotopes in seawater are also affected by air–sea gas
exchange. There are three air–sea exchange processes of im-
portance: 1) temperature-dependent equilibrium fractionation
(heavier d13CDIC at colder temperatures), 2) fractionation due to
the degree of air–sea equilibration (heavier d13CDIC for more
complete equilibration), and 3) net gain/loss of DIC due to gas
exchange (heavier d13CDIC for net DIC loss) (Lynch-Stieglitz
et al. 1995). These combined effects alter the d13CDIC composi-
tion during air–sea interaction.

Phosphate (PO4) is a key nutrient required for biological
activity, and it can thus be used to isolate the biological effects
on d13CDIC from the physical effects. The slope of the modern
ocean biological d13CDIC–PO4 relationship has a value of
21.1, which is dictated by the photosynthetic fractionation of
carbon isotopes, the ratio of carbon to phosphorus in organic
matter, and the mean ocean concentration of DIC (see the
supplemental text in the online supplemental material). The
intercept is chosen such that the physical air–sea component
of d13C (d13CAS) in the deep Indo-Pacific has a value of 0.

d13CAS,modern � d13CDIC 1 1:1[PO4] 2 2:75: (6)

This equation corrects the measured d13C value for biological
effects, therefore leaving an isotope signature that represents
only physical processes (temperature, air–sea equilibration, and
net DIC exchange).

The deep Atlantic Ocean is characterized by two distinct
d13CAS endmembers (Fig. 2b; see also supplemental Fig. 1A in
the online supplemental material). NADW has d13CAS � 20:5&
and AABW has d13CAS � 0:4&–0:5& (Eide et al. 2017; Lynch-
Stieglitz et al. 1995; Mackensen 2012). These endmember
d13CAS values are driven by differences in air–sea equilibration
temperature (warmer for NADW, colder for AABW) and CO2

uptake (invasion of atmospheric CO2 in the North Atlantic, and
evasion of CO2 from the Southern Ocean). To reconstruct
d13CAS, paleoceanographers must use proxy measurements for
past ocean PO4. The micronutrient Cd bears striking similarity
to PO4 (Elderfield and Rickaby 2000; Boyle 1988; Middag et al.
2018), and the modern relationship between these two species
can be used to reconstruct PO4 in the past, where past ocean
Cd is calculated using measurements of the Cd/Ca ratio in fo-
raminifera (see the supplemental text for additional detail).
Calculations of past ocean d13CAS also must take into account
changes in the mean ocean [DIC] and d13C, and photosyn-
thetic fractionation.

Assuming known changes in mean ocean terms, d13CAS val-
ues should be a conservative tracer in the ocean interior
(Charles et al. 1993; Lynch-Stieglitz and Fairbanks 1994). Sim-
ilarly to d13CDIC, the distinct values of d13CAS between
NADW and AABW allow for a binary mixing formulation to
determine the fraction of NADW present in a water parcel:

fNADW � d13Cmeas
AS 2 d13Csouth

AS

d13Cnorth
AS 2 d13Csouth

AS

, (7)

where the superscript “meas” indicates the calculated d13CAS

value from the measured d13CDIC and [PO4] of a particular water

sample [using Eq. (6) or its glacial equivalent], and the super-
scripts “north” and “south” refer to the endmember d13CAS

values.

b. Authigenic neodymium isotopes («Nd)

Another commonly applied tracer for reconstructing water
mass changes in the geologic past is the neodymium isotope
ratio «Nd, the ratio of 143Nd to 144Nd as the parts per ten thou-
sand variation with respect to the composition of the chon-
dritic reservoir (Jacobsen and Wasserburg 1980). Seawater
acquires neodymium from the input of lithogenic material, ei-
ther at the surface, through dust deposition and fluvial input
(Goldstein and Hemming 2003; Siddall et al. 2008), or at the
seafloor by benthic fluxes of Nd out of sedimentary porewaters
(e.g., Haley et al. 2017; Jeandel 2016). Away from regions of
external Nd input or exchange, the seawater isotopic composi-
tion is largely conserved. Thus, the «Nd value of seawater re-
flects the «Nd of the local source rocks that deliver this Nd
to the ocean and mixing between water masses with differ-
ent «Nd compositions. Neodymium isotope ratios are set by
decay of 147Sm to 143Nd with a half-life of 106 Ga, and there-
fore reflect the initial Sm/Nd ratio of a rock and the amount
of time it has spent in the continental crust. Because «Nd
varies significantly between old, continental rocks found
around the North Atlantic and young, volcanic rocks found
around the North Pacific, individual basins and water masses
have unique «Nd signatures reflecting their inputs, and rela-
tive proportions of waters from Pacific and Atlantic «Nd end-
members (e.g., Goldstein and Hemming 2003, and references
therein).

In the modern Atlantic Ocean, NADW has an «Nd of
about 213.5 (Lambelet et al. 2016), while AABW has an
«Nd of 28 (van de Flierdt et al. 2016; Fig. 2c). Unlike car-
bon isotopes and cadmium, which are directly taken up into
benthic foraminiferal calcite, deepwater «Nd is primarily re-
corded in authigenic sedimentary phases, such as ferroman-
ganese coatings. This necessitates that authigenic signals are
fully separated from detrital signals (i.e., local continental
input) when sedimentary records are analyzed to recon-
struct past ocean «Nd. In the past, the North Atlantic «Nd
endmember composition may have been affected by
changes in the supply of continental material to the ocean
(Zhao et al. 2019), the strength or pathway of boundary cur-
rents, and/or changes in the zonal location of deep-water
formation. Deep water that passes through the Labrador
Sea tends to have more negative «Nd values than NADW
that is formed in the Greenland, Iceland, and Norwegian
Seas. Hence, a reduction in deep-water formation in the
Labrador Sea, or a reduction in NADW transit through the
Labrador Sea, could lead to an increase in the northern end-
member «Nd value. In the interior Atlantic, the «Nd values
of NADW and AABW are modified partially by benthic
Nd fluxes but, due to the advection-dominated circulation
regime, these water masses primarily mix conservatively
(Haley et al. 2017; Du et al. 2020). Assuming conservative
mixing, the fraction of NADW can be calculated from Nd
isotope measurements using the following binary mixing
equation (e.g., Howe et al. 2016):
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fNADW � RS[Nd]S 2 RMeas[Nd]S
RMeas [Nd]N 2 [Nd]S

( )
2 RN[Nd]N 1 RS[Nd]S

,

(8)

where R denotes the «Nd value of an endmember or measure-
ment and [Nd] is the Nd concentration of an endmember, where
subscripts S andN indicate southern-source and northern-source,
respectively, and “Meas” is the measured value for a given sam-
ple consisting of a mixture of NADW and AABW. There is no
proxy for past ocean [Nd], so this is generally assumed to be
constant at the modern ocean values.

c. Proxy preservation and fidelity

In addition to the systematics of proxy behavior in seawater,
it is also necessary to account for alteration of proxy signals in
microenvironments as they are recorded and/or after they are
incorporated into sediments and buried. Such processes are
well known to bias records and cause them to deviate from
bulk seawater. For d13C, there are two common ways that this
occurs: either via the Mackensen effect (Mackensen et al.
1993) wherein organic matter respiration at the sediment–
water interface decreases the d13C values recorded by benthic
foraminifera within that microenvironment relative to the sur-
rounding seawater, or by vertical migration of benthic forami-
nifera within the sediment column (Gottschalk et al. 2016),
which also tends to bias recorded values toward lower values
relative to surrounding seawater (Schmittner et al. 2017). For
d13CAS, the same biases exist as for d13C, but there may be
additional complications arising from using Cd/Ca ratios to
reconstruct PO4, which is sensitive to seawater saturation
state with respect to calcite and dissolution (Marchitto and
Broecker 2006, and references therein). Finally, authigenic
«Nd records can also be biased in either direction by over-
printing within pore water microenvironments (Blaser et al.
2019). This occurs when detrital material dissolves and then
reprecipitates in an authigenic phase.

In an attempt to overcome these issues and their possible
spatial heterogeneity, in this paper we compile all available
data for the LGM Atlantic for each of these three proxies,
without attempting to filter the data for preservation issues.

4. Discussion

If nonconservative fluxes are small or can be ignored, then
physical transport by advection and eddy diffusion governs the
distribution of a tracer in the ocean interior. Tracers with this
characteristic thus have their concentrations or isotope ratios
controlled by admixture of water masses with different initial
compositions, or endmembers. The «Nd and d13CAS proxies
are considered to be largely conservative in the deep Atlantic
(Du et al. 2020; Haley et al. 2017; Lynch-Stieglitz et al. 1995;
Oppo et al. 2018). Since these tracers have distinct values in
subducting NADW and AABW (see next section), measuring
their values downcore allows for the reconstruction of the frac-
tion of those two water masses present at a given location, as-
suming binary mixing between NADW and AABW.

Application of these principles qualitatively (Duplessy et al.
1988; Curry and Oppo 2005) and quantitatively (Piotrowski
et al. 2004; Howe et al. 2016; Pena and Goldstein 2014;
Pöppelmeier et al. 2020) is one of the primary ways that
changes in water mass structure in the paleo Atlantic Ocean
has been reconstructed. The two most critical assumptions un-
derlying the application of these proxies are 1) limited effects
of nonconservative behavior of the tracer and 2) accurate
knowledge of the NADW and AABW endmembers in the
binary mixing equations.

We identify an additional complication in interpreting sections
of paleoceanographic data in terms of changing water mass struc-
ture: the effects of ocean mixing. Specifically, changes in vertical
mixing rates [the diapycnal diffusive transport term in Eq. (5)]
may cause large changes in the spatial distributions of tracers and
only modest changes in overturning circulation outside the North
Atlantic. Below, we detail the conventional use of tracer sections
to delineate Atlantic circulation geometry, show how conserva-
tive tracers purely depend on circulation streamfunctions in
PMIP models, and outline paths forward to reconstruct paleo
Atlantic water mass geometry that take into account changes
in ocean vertical mixing.

a. Observational evidence

Perhaps the most well-established evidence in support of
shoaled NADW at the LGM has come from comparing meridi-
onal sections of modern seawater d13CDIC and LGM benthic
foraminiferal d13C (Duplessy et al. 1988; Curry and Oppo
2005; Oppo et al. 2018). These data show striking differences in
d13C distributions in the LGM compared to modern seawater
(Fig. 2d). Reconstructed LGM data from the western Atlantic
show deep waters with more depleted d13C values that pene-
trate into the northern part of the basin and a 500–1000-m
shoaling of d13C-enriched water, generally interpreted to be
the glacial version of NADW [often called Glacial North
Atlantic Intermediate Water (GNAIW)] (Fig. 2d).

More recently, some studies have challenged the interpretation
that d13C changes at the LGM are indicative of major water
mass reorganizations, due to the nonconservative behavior of
d13C. Gebbie (2014) used a steady-state model of the ocean cir-
culation that takes into account both modern seawater observa-
tions and paleoproxy data. His steady-state solution showed that
while the core of NADW shoaled during the LGM, the depth at
which NADW and AABW were a 50–50 mixture remained
unchanged. The apparent shoaling of the NADW could be
explained by an increase in the respired nutrient content of
glacial NADW rather than a change in circulation. Using
the same modeling framework with additional data, Oppo
et al. (2018) concluded that the core of NADW shoaled by
∼500 m at the LGM, with a strong reduction in the NADW
fraction in the deepest North Atlantic. This is roughly half
of what was suggested in earlier studies (e.g., Curry and
Oppo 2005; Lund et al. 2011).

Given the potential for changes in nutrient contents to con-
found the use of d13C as a conservative tracer, other studies have
turned to d13CAS, which corrects for the nonconservative remi-
neralization effects on d13C using Cd as a proxy for phosphate.
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Marchitto and Broecker (2006) compiled benthic foraminiferal
d13C and Cd/Ca measurements from the LGM Atlantic, finding
very low d13CAS values associated with glacial AABW penetrat-
ing into the deep North Atlantic. The authors also argued for a
shoaling of LGM NADW, based on observations of high d13CAS

from 1000 to 2000 m throughout the Atlantic, but acknowledged
that incomplete understanding of endmember d13CAS values for
NADW, AABW, and AAIW hindered unique interpretation of
this signal.

Indeed, Gebbie (2014) and Oppo et al. (2018) included d13CAS

in their data-constrained steady-state modeling efforts. They
noted that since d13CAS has fairly large errors (0.3&), and the
AAIW and NADW endmembers seem to converge during the
LGM toward 0, discriminating between AAIW and NADW in
the upper LGM Atlantic is difficult. Only the inclusion of new
depth transect d13CAS data by Oppo et al. (2018) allowed for the
delineation of vertical gradients in d13CAS in the LGM western
Atlantic (Fig. 2e). The steady-state solution of Oppo et al.
(2018), which finds 500 m of NADW shoaling, requires a unique
d13CAS signature in Nordic seas–derived NADW formed by
open ocean convection, but d13CAS has not yet been measured
from this source region. Additionally, few data are yet available
on LGM d13CAS from sediment cores south of 408S (potentially
related to preservation issues; see section 3c). A general paucity
of data and difficulty inferring glacial endmembers are the main
factors inhibiting broad conclusions about LGM Atlantic water
mass structure from d13CAS.

The third tracer often used to assess whether NADW
shoaled at the LGM is «Nd. Unlike d13C and d13CAS, most
studies measuring «Nd have argued for no major changes in
LGM Atlantic water mass geometry, and compiled LGM
«Nd shows a similar meridional depth structure as today, with
very negative («Nd , 210) filling the deep North Atlantic
(Fig. 2f). Howe et al. (2016) attempted to quantify the change
in NADW present in the deep Atlantic, using an approach
similar to Eq. (9). They conduct a sensitivity analysis using one
site at 4500 m in the North Atlantic (Roberts et al. 2010) and
find between 50% and 100% NADW at that depth, depending
on the isotopic composition of the northern endmember and
the relative neodymium concentrations of the northern and
southern endmembers (a component of the endmember calcu-
lation for which there is no paleo proxy). The results of Howe
et al. (2016) were further supported by a study in the south-
west Atlantic by Pöppelmeier et al. (2020). These authors
highlighted the conflicting water mass geometries that arise
from using d13C versus «Nd as a water mass proxy. Du et al.
(2020) used a box model of the global ocean to examine
changes in the mixing ratio of northern and southern source
water, allowing for changes in the «Nd endmember composi-
tion at the LGM. They found that the LGM authigenic «Nd
data were best supported by an increase in the northern source
water endmember composition, without a substantial change
in the relative northern source water–southern source water
mixing fraction (Du et al. 2020). These studies collectively sug-
gest nearly no change in AMOC geometry during the LGM,
in direct conflict with the shoaling of NADW implied by d13C
reconstructions.

Aside from the two most commonly cited circulation scenar-
ios, namely shoaled upper cell or no structural change from
the modern, there have been several other glacial circulation
schemes that have been proposed in the literature, mostly in
paleo-observational papers. These circulation configurations
are attempts to satisfy a variety of (potentially conflicting)
paleoproxy data, but have not necessarily been tested for their
feasibility (i.e., by attempting to simulate these scenarios using
physical models). One such scheme has a bifurcated glacial
NADW (Howe et al. 2016; Pöppelmeier et al. 2020; Du et al.
2020)}an attempt to reconcile conflicting d13C and «Nd data.
In this hypothesis, both flavors of glacial NADW have nega-
tive «Nd values, but the shallower version of GNADW is
forms via open-ocean deep convection, imparting a heavy
d13C composition, while the deeper version forms under sea
ice with restricted air–sea gas exchange, and thus light d13C.
Coupled climate models of the LGM sometimes have large
mixed-layer depths in both the Nordic seas and the region
south of Iceland (Sherriff-Tadano et al. 2018), but these models
do not appear to produce two types of NADWwith very differ-
ent densities. However, to our knowledge, no modeling studies
have specifically tried to simulate a bifurcated glacial NADW,
so its physical realism is unknown.

b. Physical constraints on LGM circulation

Larger Southern Ocean buoyancy loss is generally thought to
cause shoaling of the AMOC, and larger diapycnal mixing is gen-
erally thought to cause deepening (as described in sections 2a
and 2b). Idealized models have been fundamental to understand-
ing the key processes that set AMOC depth, and they generally
point to modest shoaling of the AMOC in the South Atlantic at
the LGM (e.g., Nadeau and Jansen 2020; Baker et al. 2021).
However, ultimately they cannot tell us whether increased buoy-
ancy loss or increased diapycnal mixing is the most important
effect at the LGM, because they do not represent the full com-
plexity of the ocean system. Thus, we turn to more complex
simulations to assess how the AMOC circulation may have
changed at the LGM.

Models forced with glacial boundary conditions as part of
PMIP do not produce consistent responses in terms of glacial
overturning strength or the depth of the boundary between
the upper and lower cells in the Atlantic (Otto-Bliesner et al.
2007; Weber et al. 2007; Muglia et al. 2018). As shown in
Fig. S2, some PMIP simulations produce a deeper AMOC,
some a shallower AMOC, and some no change in the depth
of the AMOC. Marzocchi and Jansen (2017) attribute a deep
AMOC in some of the PMIP simulations to insufficient sea
ice formation, which causes less deep ocean stratification in
these models. However, even assimilating proxy observations
of LGM surface temperature does not guarantee that the
AMOC will shoal (Amrhein et al. 2018). From physical models
of the LGM ocean circulation that do not include geochemical
tracers, it is difficult to rule out shoaling, no-change, or deepen-
ing circulation scenarios. These models are a useful starting
point for understanding how different ocean circulations impact
ocean tracer distributions, as discussed in section 1.
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There is mounting evidence for increased diapycnal mixing
at the LGM. Reduced sea level at the LGM (see section 2b)
probably reduced tidal dissipation on continental shelves and
caused more tidal energy to be dissipated in the deep ocean
(Arbic et al. 2004; Egbert et al. 2004; Griffiths and Peltier
2009; Green 2010; Wilmes et al. 2019). Studies by Schmittner
et al. (2015) and Wilmes et al. (2019) found that changes in tidal
energy dissipation dominate over changes in ocean stratification,
and tidally induced mixing affects diapycnal diffusivity most
strongly in the North Atlantic below 2000 m, causing the upper
cell to extend to 5000 m. In Wilmes et al.’s (2019) simulations
with realistic tidally induced mixing, the upper cell only deepens
by about 500 m north of 208N and shows little change south of
208N. A deeper AMOC in the North Atlantic is not completely
ruled out by the observational record: more research is needed
to explore this possibility.

SOURCES OF UNCERTAINTY IN OUR PHYSICAL

UNDERSTANDING

The strength of diapycnal mixing in the global ocean is not
well constrained either today or at the LGM. Vertical variations
in the diapycnal diffusivity may lead to significant exchange

between the upper and abyssal cells (Mashayek et al. 2017; Jones
and Abernathey 2021). This transport may not be visible in the
zonally integrated streamfunction, because downward transport
in the interior may be cancelled by upward transport close to the
ocean boundaries (Callies and Ferrari 2018), but it is likely to
transport tracer between the upper and abyssal ocean. Hence, it
is not clear howmuch a cell separation in the zonal mean stream-
function [as predicted by Ferrari et al. (2014)] would influence
deep ocean tracer distributions. In this section, we explore how
the tracer distributions in Fig. 3 may be impacted by mean ocean
circulation and by other factors including diapycnal mixing.

Most PMIPmodels do not simulate the distribution of relevant
paleo-oceanographic tracers like d13C and «Nd, or even passive
tracers for water masses like NADW and AABW. In Fig. 3, we
attempt to estimate the fraction of deep Atlantic water that origi-
nated in the North Atlantic in three models based on the temper-
ature distribution in these models. We chose to use temperature
rather than salinity because the salinity of AABW and NADW
were very similar in some of the LGM simulations. The results
shown here are qualitatively very similar if salinity is chosen
rather than temperature (as shown in Fig. S3).

The MPI and GISS models have similar preindustrial
AMOC streamfunctions, in which the upper cell extends to

FIG. 3. (top) AMOC streamfunction in three climate models for preindustrial (yellow contours and background shading) and
LGM (black contours) simulations. (middle) The thick contour highlights the 0.2-Sv streamline and can be thought of as the bottom
edge of the upper cell. NADW fraction during the preindustrial (PI) simulation, estimated from temperature and using endpoints
highlighted by the green rectangles. (bottom) NADW fraction during the LGM simulation minus NADW fraction during the prein-
dustrial simulation, estimated from temperature and using endpoints highlighted by the green rectangles. The second panel in the
bottom row is hatched because the GISS model was not run for long enough at the LGM for the deep ocean to reach equilibrium.
The black vertical line indicates the latitude that separates the Atlantic from the Southern Ocean: north of this line, the zonal mean
is taken over the Atlantic basin and south of this line the zonal mean is taken over the whole zonal extent of the domain. The Gulf
of Mexico and Caribbean Seas are excluded from the zonal mean of CCSM NADW fraction. The MPI model run (Mauritsen et al.
2019; Müller et al. 2018) is part of the PMIP4 dataset (Kageyama et al. 2017), and the preindustrial CCSM (Gent et al. 2011) and
GISS model (Schmidt et al. 2014) runs are part of the CMIP5 dataset. The LGM CCSM data are from the same runs used by Brady
et al. (2013).
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around 2500-m depth from 258N to 258S. However, the MPI
model has significantly more NADW in the deep ocean. The
differences in deep NADW concentration are most likely
caused by the differences in ocean mixing between models, or
perhaps differences in the zonal structure of the circulation.
Changes in ocean mixing between the LGM and today are of
similar magnitude as differences in modern mixing between
different models (not shown). Thus ocean mixing changes
could be as important as changes in circulation structure for
ocean tracer distributions. CCSM4’s preindustrial AMOC
streamfunction extends to 5000 m in the North Atlantic at
308N, and CCSM4 has much more NADW in the deep Atlantic
than the other two simulations.

We repeated this analysis to find the concentration of
NADW in the last century of the LGM simulations for each of
these models. In the MPI model, which was run for 2300 years
(starting from a previous LGM simulation), the MOC stream-
function does not change much between the LGM and prein-
dustrial times, but there is slightly more NADW in the deep
ocean at the LGM, highlighting that changing mixing pro-
cesses may be important. We chose an extended LGM simula-
tion of CCSM4 (Brady et al. 2013) that was run for 1600 years
[for more details, see the supplementary information of
Marzocchi and Jansen (2017)]. In CCSM4, the upper cell shoals
at the LGM, and the NADW concentration in the deep ocean
reduces as a result of this shoaling.

We chose the MPI and CCSM4 models partially because
they had long LGM simulations: the MPI model was run for
2300 years (ensemble r1i1p1f1 in the CMIP6 archive; Mauritsen
et al. 2019) and CCSM4 was run for 1600 years (Brady et al.
2013). The GISS model was only run for 300 years (ensemble
r1i1p151 in the CMIP 5 archive; Schmidt et al. 2014), which is
not long enough for water that was ventilated at the surface at
the beginning of the simulation to reach the deep ocean
(greater than 500 years in the deep tropical Atlantic; Khatiwala
et al. 2012). Hence, in the GISS model we cannot find the
NADW concentration in the deep ocean with any confidence.
The LGM simulations from many models are not very long and
it is likely that tracers in the deep ocean are not in equilibrium.
If these simulations were run for at least 1500 years, it would
most likely be possible to analyze how changes in ocean circula-
tion impact deep ocean tracer distributions in these LGM simu-
lations. Alternatively, the transport matrix, a mathematical
operator that describes the motion of ocean tracers, could be
calculated from short PMIP simulations of the LGM, and the
transport matrix could then be used to integrate the tracer dis-
tribution forward in time until it reaches equilibrium (see,
e.g., Bardin et al. 2014; Zanna et al. 2019; John et al. 2020;
Chamberlain et al. 2019). It would also be useful if more
model fields, such as vertical and lateral diffusivity, were
saved and made available. Longer runs and more variables
(and funding for these things) are needed for coupled climate
models to be used to their full potential in understanding
the LGM ocean.

It is still unclear how much diapycnal mixing or isopycnal mix-
ing changed at the LGM. Along with the work of Wilmes et al.
(2019) and Jones and Abernathey (2019), these experiments sug-
gest that diapycnal mixing may have had a first-order effect on

NADW distributions at the LGM. Jones and Abernathey (2019)
also highlight the importance of isopycnal mixing, but conclude
that changes in isopycnal mixing likely have only a modest effect
on large scales. Further research on how ocean mixing and ocean
tracer advection interact to produce large-scale tracer distribu-
tions is needed to fully quantify the uncertainties associated with
these quantities.

A further source of uncertainty is that we do not know the
formation sites for NADW at the LGM. Coarse-resolution
models often overemphasize the Labrador Sea as a location
for deep-water formation (Heuzé 2017), which may cause bias
in the location of endmembers in LGM ocean simulations.
New observations from the Overturning in the Subpolar
North Atlantic Program (OSNAP; Lozier et al. 2017) array
will be helpful for improving the representation of deep-water
formation in this area. Without further information, it is difficult
to assess whether deep water from two different northern-
source locations might be present in NADW at the LGM.

c. Beyond tracer sections

As discussed in section 1, the distribution of tracers like «Nd
and d13CAS in the deep ocean do not give direct information
about the AMOC streamfunction. Alternate methods of looking
at the relationship between ocean tracer concentrations, ocean
mixing, and ocean circulation are sorely needed in order to ex-
tract the information stored in paleo-oceanographic observations.

One alternate way of examining ocean tracer distributions is
to look at tracer–tracer cross plots (e.g., Hines et al. 2019)
rather than tracer sections. When binary mixing occurs between
two water masses, conservative tracers should plot linearly on a
tracer–tracer plot (a common oceanographic example of this is
a temperature–salinity diagram). By comparing the relationship
between tracers in the modern ocean with their reconstructed
relationship for the glacial ocean, we can deduce whether water
mass endmembers changed significantly between these two
periods.

We have compiled and merged datasets of benthic d13CDIC,
d13CAS, and «Nd for the LGM Atlantic below 2000 m (Fig. 4),
where reconstructions of glacial Atlantic water mass geometry
based on these proxies diverge significantly (Figs. 2d–f). In
particular, d13CAS is conservative by definition, and «Nd
is thought to be largely conservative in the interior Atlantic
(Du et al. 2020)}any shifts in the relationships between these
proxies are likely driven by changing endmembers.

There are few locations with collocated LGM d13CAS and «Nd
reconstructions (Fig. 4a). However, the few observations avail-
able show a striking shift in the southern-source d13CAS end-
member during the LGM compared to present, with AABW
shifted toward significantly lighter values than any observed in
the modern Atlantic (Fig. 4a). In fact, the directionality of the
d13CAS–«Nd relationship for the LGM is completely reversed
during the LGM, with AABW becoming isotopically lighter in
d13CAS than NADW. Since AABW subducts from the surface at
the freezing point in the modern ocean, it is unlikely that colder
AABW temperatures during the LGM could explain the lower
d13CAS. Similarly, since AABW is isotopically lighter than
NADW during the LGM, this signal must be primary, and not
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due to variable entrainment with subsurface NADW. Instead,
this signal must be driven by decreased air–sea equilibration
during the LGM and/or decreased net sea to air CO2 flux.
This reversal in the d13CAS gradient at the LGM has been
previously documented (Marchitto and Broecker 2006;
Oppo et al. 2018; Gebbie 2014) and even simulated in a
model (Menviel et al. 2020). It is generally attributed to re-
duced air–sea gas exchange, possibly by increased sea ice
cover, in the Southern Ocean and colder temperatures in
the North Atlantic.

Another way of using paleoceanographic tracers is to use
them as direct physical constraints on circulation. The oxygen
isotopic composition of seawater, d18O, is a function of its
temperature and salinity, as is density. While d18O is not a
proxy for density per se, this physical relationship is still pow-
erful. Lund et al. (2011) observed shifts in the difference be-
tween LGM and Holocene d18O values at approximately
2000-m water depth in two depth profiles from the Brazil
Margin (308S) and Blake Ridge (308N) in the Atlantic. Moti-
vated by this observation, Lund et al. (2011) constructed a
two-dimensional tracer budget for the Atlantic across a sur-
face that marks the boundary between a southern sourced wa-
ter mass (i.e., AABW) and a northern sourced water mass
(i.e., NADW). The gradient of a tracer across this surface is
proportional to the ratio of the overturning strength of the

deep water mass divided by the vertical diffusivity across the
surface (C/k). Accounting for changes in the surface area of
that water mass boundary, the authors calculate that C/k was
larger at the LGM compared to today. This could be achieved
either by decreasing the vertical diffusivity (k) or increasing
the deep overturning circulation (C). Lund et al. (2011) con-
clude that the most likely explanation for the change in d18O
distribution is that the interface between the abyssal and up-
per cells of the MOC shoaled, causing a decrease in k across
this interface.

When considering the difficulties in interpreting tracer sections
in terms of LGMwater mass changes we discussed in section 4b.,
the results of Lund et al. (2011) are perhaps the most straightfor-
ward approach showing evidence for shoaled NADW during the
LGM. Ideally their approach could be applied to the entirety of
the LGM Atlantic basin. Unfortunately, as the authors discuss,
interlaboratory offsets in d18O of roughly 0.3& are on the same
order as the vertical LGM d18O kink. Thus, their analysis cannot
yet be extended to additional locations or to a compilation of
Atlantic LGM benthic d18O. Distributed time slice benthic
d18O across several depth transects from a single laboratory
would be an extremely valuable step toward confirming (or rul-
ing out) the ubiquity of LGM Atlantic C/k changes. Recent
work by Wilmes et al. (2021) shows that a large increase in the
vertical diffusivity at all depths is not consistent with Lund’s

FIG. 4. Tracer–tracer plots for modern seawater (dots) and reconstructed values for the LGM (squares): (a) «Nd and
d13CAS and (b) «Nd and d13CDIC. The data source for LGM benthic d13CAS and d13C is Oppo et al. (2018), and for
LGM authigenic «Nd the data source is Du et al. (2020). Seawater data for «Nd also come from the compilation of
Du et al. (2020). For seawater data points, we once again used the Eide et al. (2017) d13C climatology, and combined it
with the World Ocean Atlas phosphate climatology to determine d13CAS using Eq. (7). For each seawater «Nd
measurement in the Atlantic Basin below 2000 m, we then extracted d13C and d13CAS values from the nearest
latitude–longitude–depth grid cell. Blue lines at the bottom of the plots display representative uncertainties due
to random errors associated with measurements involved in the respective proxies, but do not include possible
systematic uncertainties associated with diagenetic influences on the proxies, or calibrations for the determina-
tion of derived parameters (e.g., the conversion of Cd/Ca and d13C to d13CAS).
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result even for a shallow LGM overturning circulation. This
highlights the need for more observational evidence to charac-
terize whether C/k has increased or decreased since the LGM.
Such evidence could be useful for understanding both large-
scale circulation and vertical mixing in the past.

Finally, from the modeling side, several studies (e.g., Brovkin
et al. 2007; Tagliabue et al. 2009; Bouttes et al. 2011; Menviel
et al. 2017; Muglia et al. 2018; Gu et al. 2020; Menviel et al.
2020; Muglia and Schmittner 2021; Wilmes et al. 2021) have in-
cluded geochemical tracers into LGM simulations in order to
directly compare simulated distributions with proxy measure-
ments (given known circulation configurations by definition).
Recognizing the computational challenges of incorporating
these tracers, it is particularly beneficial to include multiple trac-
ers (e.g., Gu et al. 2020; Muglia and Schmittner 2021). This will
allow for more unique insights from model output, such as
the construction of tracer–tracer plots for diagnosing proxy
behavior in the model}the value of which in observational
data is discussed earlier in this section.

5. Conclusions

This paper highlights that neither observations nor models
provide clear evidence of whether the AMOC shoaled at the
LGM. The «Nd records indicate that NADW reached the
deep Atlantic at the LGM, while the d13C records suggest
that NADW was confined to the top 1500 m or so. Models
also disagree about whether the AMOC shoaled at the LGM,
and many models only represent the circulation, temperature,
and salinity, so they provide limited information about past
tracer distributions. Models can be tuned to give a range of
answers, and while idealized models are very valuable for un-
derstanding the processes that set the depth of the AMOC, it
is important to understand that existing models only scratch
the surface of the possible range of mixing parameters that
may have occurred at the LGM.

In light of this continued uncertainty about the state of the
ocean circulation at the LGM, we conclude this paper with
some suggestions for how to clarify the science, while giving
proper weight to the huge complexity of inferring ocean circu-
lation from limited ocean tracer observations.

We have shown in this paper that collocated records of con-
servative and quasi-conservative tracers allow for the determi-
nation of mixing relationships between water masses, as well
as diagnosis of changing proxy endmembers, via tracer–tracer
plots. These types of analyses are in their nascent stages, and
hold considerable promise for future reconstructions of water
mass characteristics. One way to clarify existing discrepancies
between «Nd and d13CAS would be to greatly expand the
number of collocated «Nd and d13CAS measurements during
the LGM and Holocene, via a time slice approach. Further,
these cross-plot analyses could be expanded to include non-
conservative tracers (e.g., Dd13CDIC for bottom water oxygen
concentrations, B/Ca for carbonate ions, etc.).

Some paleo data–model comparison has been done to test
the validity of PMIP and PMIP-like models (e.g., Brovkin
et al. 2007; Tagliabue et al. 2009; Bouttes et al. 2011; Menviel
et al. 2017; Muglia et al. 2018; Gu et al. 2020; Menviel et al.

2020; Muglia and Schmittner 2021; Wilmes et al. 2021), but
the majority of these studies use only d13C or d13C and radio-
carbon as a paleoceanographic tracer and all of them focus on
a single model. Given that the different PMIP models have
naturally resulted in variable glacial circulations, it would be
informative to see a model–data comparison across all these
models, comparing not only d13C data but also proxies such as
«Nd and d13CAS, and NADW concentration estimates based on
temperature and salinity distributions. We acknowledge that
implementing such a large number of tracers in all the PMIP
models may not be the most efficient use of time, so one poten-
tial solution is to produce transport matrices for these models in
order to generate proxy distributions using an offline tool like
the Ocean Circulation Inverse Model (OCIM) (DeVries and
Primeau 2011).

Another challenge in this problem is the huge number of pa-
rameters that control ocean tracer distributions, including the
3D distribution of mixing, the boundary conditions for each of
the tracers, and possible changes in circulation. Idealized mod-
els are useful for exploring a wide range of parameters at low
computational cost. In the future, including tracers for water
masses and their ages in idealized modeling studies will allow
for their results to be more easily interpreted from an observa-
tional standpoint.

By working together, observationalists and modelers can bet-
ter select sampling locations that will provide maximum infor-
mation content. Selection of these locations should be informed
by models (especially those that simulate tracers), but also take
into account the expertise of paleoceanographers, who know
best whether proxy data can be obtained at a specific location.

In conclusion, recent research has shown that paleo-tracers
contain a wealth of information about surface and mixing pro-
cesses, in addition to information about the large-scale ocean
circulation. This highlights an opportunity to increase our un-
derstanding of past ocean states beyond what was previously
assumed. Ultimately, this approach will result in a deeper,
more complete understanding of LGM Atlantic circulation
changes.
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